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[1] Several arguments point out that at the end of planetary accretion, the core of Mars
was likely to be much hotter than its mantle, resulting in the formation of a completely or
partially molten thermal boundary layer at the base of the mantle. Here we address the
following questions: How did the superheated core cool and what role did it play in the
early mantle dynamics of Mars? We divide the coupled core-mantle evolution of early
Mars into two stages. During the first stage, vigorous convection within the molten
boundary layer removes the heat from the core so that the boundary layer expands up. As
the boundary layer gets thicker, the temperature of the layer decreases. Eventually, the
temperature of the molten boundary layer drops down to the temperature for the
rheological transition (melt fraction ~40%) within 100 years. This stage is described by a
parameterized convection approach. The second stage is modeled in spherical shell
geometry using the fully three-dimensional finite element code CitcomS. A single plume
(“superplume”) forms by the instability of the thermal boundary layer. The superplume
stage lasts much longer, on the scale of millions to hundreds of millions of years,
depending on the mantle viscosity. During both stages of evolution the heat flux can easily

satisfy the requirements for the dynamo.

Citation: Ke, Y., and V. S. Solomatov (2009), Coupled core-mantle thermal evolution of early Mars, J. Geophys. Res., 114, E07004,
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1. Introduction

[2] Various arguments suggest that the mantles of the
terrestrial planets were partially or completely molten dur-
ing accretion [e.g., Elkins-Tanton et al., 2003, 2005a,
2005b; Solomatov, 2007]. The energy associated with large
impacts and core formation are among the most significant
factors contributing to heating and melting of the mantle.
The cores of the terrestrial planets may have been even
hotter than their mantles [Ke and Solomatov, 2006]. This
possibility is supported by several arguments. On the
present-day Earth, the temperature contrast between the
lower mantle and the core is estimated to be 1000 to 2000 K
[Boehler, 1996, 2000; Williams, 1998] and was probably
even higher in the past as the core temperature must have
decreased more than the mantle temperature during plane-
tary evolution [Stevenson et al., 1983]. Another argument
comes from numerical simulations of giant impacts, which
show that during collisions of large differentiated bodies
with the proto-Earth the material that was heated most was
the iron core of the impactor [Canup, 2004]. After the iron
from the impactor’s core segregated into the Earth’s core,
the temperature contrast between the core and the mantle
reached several thousand degrees Kelvin. For a smaller
planet like Mars the core-mantle temperature difference
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after a giant impact may be high as well, of the order of
~1000 K [Ke and Solomatov, 2006].

[3] A different argument for a superheated core was
suggested by Stevenson [2001]. He pointed out that a
substantial fraction of the gravitational potential energy of
core formation can, in principle, be retained within the
segregated iron. Although there are many factors controlling
the energy partitioning between the mantle and the core,
how liquid iron moves through the dominantly solid mantle
might be the most important one.

[4] If liquid iron moves through the mantle in the form of
blobs, the mantle has to deform to allow the motion of the
blobs (Figure 1a). Because the strain rates in the liquid iron,
ére, and the mantle, e,,, are of the same order of magnitude
(this is valid when the blob viscosity is smaller than the
viscosity of the surrounding fluid, see the solution for the
flow around a sphere with finite viscosity [Landau and
Lifshitz, 1987]), the ratio of viscous dissipation rates
between the iron and the mantle is proportional to

. -2
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where (i, is the mantle viscosity and pp. is liquid iron
viscosity. This means that most of the gravitational potential
energy of core formation dissipates within the mantle
(Figure 1a).

[5] Numerical simulations show that magma migration
[Wiggins and Spiegelman, 1995; Connolly and Podladchikov,
2007] as well as segregation of liquid iron [Golabek et al.,
2008] results in the formation of melt channels. If liquid
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Figure 1. Two end-member cases of iron segregation in
the Martian mantle: (a) low-viscosity liquid iron blobs sink
through a viscous mantle (the streamlines of the mantle flow
around the blob are shown schematically) and (b) liquid iron
flows down in cracks or channels. In Figure la, viscous
dissipation is largest in the mantle. In Figure 1b, viscous
dissipation is largest in the channel.

iron segregated in channels (Figure 1b), then the viscous
stresses in the liquid iron, 7., and in the mantle, 7, are of
the same order of magnitude and thus, the ratio of viscous
dissipation rate between the iron and the mantle is

€Fe le:c/ Hre Hin
ém B len//'bm * Hre ‘ (2)
This implies that if iron segregated in channels the energy of
core formation would largely go into the core (i, > tipe)-
[6] Assuming that Mars was initially homogeneous,
Solomon [1979] estimated that the gravitational ]gotential
energy released by core formation is AQ ~ 2 x 107 J. If all
this energy is used to heat up the core, the average core
temperature increases by

AQ

cCpc

AT, =

~ 1800 K, (3)

where M, ~ 1.4 x 10% kg is the mass of the core and
Cpe = 800] kg~ ' K is the specific heat of the core (Table 1).

[7] If we consider the effect of a single giant impact, then
assuming that the impact is about 0.1 of the mass of proto-
Mars we obtain that segregation of iron from such an impact
raises the core temperature by

gH

Cpe

AT ~0.15= ~ 500 K, (4)

where g = 3.7 m s~ % is the gravity and H ~ 1000 km is the
thickness of the Martian mantle (Table 1). The above
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estimates should be considered as an upper bound because
some fraction of the heat, depending on the channel width
and other factors, escapes from the hot channels to the
mantle.

[8] In addition to core superheating, an overturn of the
Martian mantle would adiabatically cool the lower part of
the mantle and increase the core-mantle temperature con-
trast even further. According to Elkins-Tanton et al.’s
[2005a] calculations, the core-mantle temperature contrast
due to mantle overturn is on the order of AT,, ~ 1000 K.

[9] The three effects described above, (1) the shock wave
heating of impactor’s iron core, (2) the predominant
partitioning of the core formation energy into the core,
and (3) lower mantle cooling due to mantle overturn,
together may generate the temperature contrast between
the core and the lower part of the Martian mantle from
several hundred to several thousand degrees Kelvin.

[10] This raises the following questions: How did the
Martian core cool and what role did it play in the early
evolution of the mantle? In our previous study we showed
that a superheated core is likely to generate a single
transient superplume which may be responsible for the
formation of the Martian crustal dichotomy [Ke and
Solomatov, 2006]. Here, we consider a coupled evolution
of the core-mantle system and provide some constraints on
how rapidly the core cools, what controls the cooling rate,
how the decreasing temperature of the core affects the
superplume evolution, and whether and for how long this
type of dynamics can provide energy for the generation of
the magnetic field on early Mars. We should note that while
our discussion focuses on Mars, the results are general and
can be applied to other planets as well.

2. Model

[11] We consider a highly simplified structure of the
mantle and the core immediately after the segregation of
hot iron. The Martian mantle is assumed to be a spherical
shell with uniform density p,,, temperature 7,,, ViScosity i,
and thickness / = R, — R, where R, is the core radius and

Table 1. Physical Parameters

Parameter Value Reference”
Gravity, g 37ms? 1
Planetary radius, R, 3390 km 1
Mantle density, p 4000 kg m—> 1
Core radius, R, 1700 km 2
Core mass, M, 1.4 x 10 kg 3
Pressure at CMB, Pcvp 23 GPa 3
Mantle specific heat, C,,, 1200 J kg ' K! 1
Core specific heat, C,. 800 J kg ' K! 4
Latent heat, L 5% 10° ] kg"' 4
Thermal expansion, « 2 x 10 K! 5
Thermal conductivity, & 4Wm 'K 6
Reference viscosity (solid), jig. 427 x 10! Pa s 7
Activation energy (solid), £ 240 kJ mol™! 7
Activation volume (solid) V 5 % 107° m® mol™! 7
Reference viscosity (liquid), i, 1075 Pas 8
Activation energy (liquid), £, 195 kJ mol ™" 8
Activation volume (liquid), ¥, —3.65 x 10~° m® mol ' 8

1, Zharkov [1986]; 2, Yoder et al. [2003]; 3, Longhi et al. [1992]; 4,
Anderson [1995]; 5, Chopelas [1996]; 6, Hofineister [1999]; 7, Karato and
Wu [1993]; 8, Liebske et al. [2005].
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R, is the planet radius. Any variations in mantle properties
are assumed to be negligible compared to the difference
between the mantle and the hot thermal boundary layer
(TBL) formed at the core-mantle boundary (CMB). If a
partially molten shallow layer (a shallow magma ocean)
existed at that time, it would mechanically decouple the
lithosphere from the deep mantle. In this case the upper
boundary of our model mantle corresponds roughly to the
depth at which the melt fraction is ~40% (which is roughly
the rheological transition between liquid-like and solid-like
behavior, see below). The upper and the bottom boundaries
of the mantle are stress-free.

[12] The mantle temperature 7, during planetary accre-
tion was probably not far from the mantle solidus. If the
mantle was ever significantly molten, vigorous convection
would cool the mantle very fast to near-solidus temperatures
[Williams and Nimmo, 2004]. At the CMB pressure the
solidus temperature is around 2450 K [Zhang and Herzberg,
1994]. This is an upper bound on the initial mantle
temperature 7,,. Depending on the mantle composition
and the details of the mantle temperature profile, at this
temperature the partially molten shallow layer may occupy a
substantial portion of the mantle. A lower bound can be
obtained by requiring the mantle to be completely solid
which gives T, ~ 1600 K. We also assume that radiogenic
heating can be ignored owing to differentiation of incom-
patible elements into the crust and/or owing to short time
scales considered in this study.

[13] The Martian core is assumed to be vigorously con-
vecting and have an adiabatic temperature profile with the
CMB temperature higher than the mantle temperature by
AT, that is Tepp = T, + AT For T, = 1600-2400 K and
AT = 1000 K, Tcmp = 2600—3400 K. This suggests that
Tcemp can easily exceed both the solidus (~2450 K) and the
liquidus (~2650 K) [Zhang and Herzberg, 1994]. Although
the uncertainties in these estimates are large, it seems very
likely that the mantle was substantially molten and a
completely or partially molten layer formed at the base of
the mantle.

[14] The processes in the partially molten layer formed
near the core-mantle boundary can be quite complicated
[Labrosse et al., 2007] and similar to those occurring in
magma oceans formed in the upper parts of planetary mantles
[Solomatov and Stevenson, 1993a, 1993b; Solomatov, 2000,
2007]. We assume that only negligible crystal melt segre-
gation occurs during cooling and crystallization of the
molten region near the core-mantle boundary. The validity
of this assumption depends on the crystallization time of the
molten layer at the Martian core-mantle boundary and the
crystal size. We will show the crystallization time is of
the order of 100 years. This is sufficiently fast to ignore
crystal melt segregation in the terrestrial magma ocean
provided the crystals are less than 1 mm in diameter
[Solomatov, 2000, 2007]. Similar arguments apply to the
Martian partially molten layer at the core-mantle boundary.
Given huge uncertainties, both equilibrium crystallization
scenario and fractional crystallization scenario of the molten
layer seem equally possible. We will be assume the former
as the simplest of the two. During plume formation,
segregation of melt may become faster than the crystalliza-
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tion time. It would be interesting to consider the effect of
melt segregation on plume formation in the future.

[15] Qualitatively the system evolves as follows. Initially,
most of the TBL is substantially molten and convection
within the TBL is very vigorous. As the TBL thickness
increases with time, both the TBL temperature and the core
temperature decrease. At melt fraction ¢ = ¢, = 40% (or
crystal fraction 60%) the partially molten system undergoes
a rheological transition from a low-viscosity crystal suspen-
sion (that is the viscosity is controlled by liquid viscosity) to
a partially molten solid (that is the viscosity is controlled by
the deformation of the solid phase). The dynamic processes
become much slower and are dominated by the large-scale
instability of the TBL-mantle system.

[16] Because no numerical code can handle the enormous
viscosity contrast between the liquid and solid parts of the
mantle, we first use a parameterized convection approach to
describe the cooling of the TBL and the core before the melt
fraction in the TBL drops below the rheological transition.
Then we apply a fully three-dimensional finite element code
CitcomS [Zhong et al., 2000] to calculate the evolution
beyond the rheological transition.

3. First Stage of Evolution: Parameterized
Convection Calculations
3.1. Energy Balance Equation for the Core

[17] The energy balance equation for the core is

dT.
onth G =

—A.F,, (5)
where T, is the average temperature of the core, F, is the
heat flux at the CMB, M, = (47r/3)pL,R3 is the mass of the
core, p. is the core density, and 4. is the surface area of
the core.

[18] Assuming that the core is liquid and is vigorously
convecting we can relate its average temperature 7. to the
temperature 7cyp of the core-mantle boundary:

TL' = ﬁTCMB7 (6)

where 8 = 1.1 [Stevenson et al., 1983]. We obtain
dTCMB o 3FC

dt— Bp.cpR.

(7)

[19] The above formulae assume that the core is well
mixed. Another assumption is that the temperature differ-
ence across the thermal boundary layer on the core side of
the CMB is negligible. This boundary layer would substan-
tially affect the estimates of the CMB heat flux and the TBL
crystallization time only if the viscosity of liquid iron is
much larger than the viscosity of liquid silicates, which
seems unlikely [Liebske et al., 2005; Mound and Buffett,
2007].

3.2. Energy Balance Equation for the TBL

[20] To write the energy balance equation for the TBL we
need to take into account the heat flux into the TBL, the
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heat flux out of the TBL, the temperature change of the
TBL, the change in the thickness of the TBL and the latent
heat of crystallization if there is any melt present. The heat
flux into the TBL is equal to the heat flux F,. from the core.
The heat flux out of the TBL (at the upper boundary) is
close to zero because the temperature profile above the TBL
quickly reaches a steady state profile in the frame of
reference associated with the moving upper boundary of
the TBL [Solomatov and Moresi, 2002]. The amount of heat
stored in the TBL changes mainly because of the increase in
the thickness of the TBL and the simultaneous decrease of
its nearly isothermal convective interior. The latter is caused
by the decrease in the core temperature and the fact that the
temperature difference between the CMB temperature and
the temperature of the nearly isothermal convective interior
of the TBL is nearly constant and controlled by the
rheological temperature difference [Solomatov and Moresi,
2002]. The energy balance for the partially molten TBL
with the time-dependent thickness /(¢) and the melt fraction
¢reL(f) of the interior of the TBL is described by the
following energy balance equation:

d
E {Mh [cpm(TTBL - Tm) + (bTBLL]} = AL'FC7 (8)

where c¢,, is the specific heat of the mantle, M), =
(47/3)pml(R. + h)} — R2] is the mass of the TBL, L is the
latent heat, and Ttgp is the interior temperature of the
TBL.

[21] In linear approximation, the melt fraction is

TreL — T

o (9)

¢TBL -

where 7; and T, are mantle liquidus and solidus tempera-
tures respectively.

3.3. Parameterized Convection Calculations
[22] Equations (7) and (8) can be integrated to obtain /:

1}1/3—1}, (10)

where T?;MB is the initial CMB temperature. The initial
thickness of the TBL is assumed to be zero.

[23] To find % as a function of time and estimate the
crystallization time of the TBL we need to integrate
equations (7) and (8) with respect to time. However,
because we already have equation (10) we only need to
integrate equation (7). This integration requires the function
F. and the relationship between Tty and Tcyvp.

[24] For either turbulent or laminar convection and con-
stant viscosity or strongly temperature-dependent viscosity
convection, the heat flux F,. can be approximately parame-

h—R {(&) Cpcﬁ(TCOMB*TCMB) +
¢ P/ Com(TrBL — T) + P L
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terized as follows [Kraichnan, 1962; Siggia, 1994; Schubert
etal.,2001; Solomatov, 1995; Solomatov and Moresi, 2000]:

1/3
F. ~ ak AT (%> , (11)

KHTBL

where k is the thermal conductivity, x is the thermal
diffusivity, « is the thermal expansivity, and prgp is the
viscosity of the convective interior of the TBL. The
coefficient a. and the driving temperature A7, depend on
the convective regime, heating mode and boundary condi-
tions. The coefficient a.. varies very little and is usually close
to ~0.1. We will use a,. = 0.12 in all our calculations.

[25] The driving temperature difference AT, varies sub-
stantially with temperature. When the temperature is very
high (several thousand degrees Kelvin), and thus the interior
of the TBL is completely molten, the viscosity variations are
relatively small (at least in the temperature range from 7; to
Tems > T;) and convection can be considered as constant
viscosity convection with AT, =~ Tcyp — T, where T, is
the critical temperature for the rheological transition.

[26] At lower temperatures the viscosity depends strongly
on temperature, and the driving temperature difference is
proportional to the rheological temperature scale AT, =
|a’ln,u/a’T|71 [Morris and Canright, 1984; Fowler, 1985;
Davaille and Jaupart, 1993a; Solomatov, 1995; Moresi and
Solomatov, 1995; Trompert and Hansen, 1998]:

AT, ~ 3AT,,. (12)
For a partially molten system, the rheological temperature
scale is defined as follows [Davaille and Jaupart, 1993b;
Reese and Solomatov, 2006]:

—1

din (T o(T)|" )

AT = ‘ dT

where (7, ¢(7)) is an experimentally determined function
of temperature 7 and melt fraction ¢(7) and the partially
molten system is assumed to be in thermodynamic
equilibrium (otherwise ¢ would be history-dependent).

[27] The viscosity of concentrated suspensions can be
estimated using Roscoe’s formula [Roscoe, 1952] (for
alternative formulae see [Solomatov and Stevenson, 1993al)):

B 1— ¢Cr 25
— ((b - (bcr) 7

where the viscosity of pure liquid is

= ex g = ex E+ PV
Hp = Ho €Xp RT = Ho €Xp RT ,

where [, is a constant, O, E;, and V; are the activation
enthalpy, the activation energy, and the activation volume,
respectively [e.g., Liebske et al., 2005].

[28] Using equations (9), (13), (14), and (15) we obtain

25\
AT, :( sz + ) .
RTTBL TTBL - Tcr

(14)

Hpmp>o,,

(15)

(16)
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(a) Melt fraction in the thermal boundary layer (TBL; at 7= Trpy), (b) the viscosity of the

TBL, (c) the temperature difference between the core-mantle boundary (CMB) and the TBL, and (d) the
heat flux at the CMB as functions of the CMB temperature. As the temperature increases the deformation
mechanism changes from a purely solid state creep to solid state creep softened by the presence of small
amounts of melt (at ¢ < ¢,,), to viscosity of partial melts at high melt fractions (¢ > ¢.,), and finally to
purely liquid viscosity. The rheological transition at ¢ = ¢, = 40% is shown with a black circle.

At low melt fractions we can use the solid state viscosity
reduced owing to the presence of melt:

(17)

where «,, ~ 25 for diffusion creep [Scott and Kohlstedt,
2004] and g is the viscosity of solid silicates:

= Hs €Xp (_a/zﬂs) )

/I’pm,0<tpcr

B g

_ O |\ _
Hs = Ho,s €XP ( RTroL) Ho,s €Xp RTroL
where 4 is constant, Q,, E,, and V are the activation
enthalpy, the activation energy, and the activation volume,
respectively [Karato and Wu, 1993]. In this case, the
rheological temperature scale is

Qx Oﬂt -
AT,y = 19
! (RT%BL+T1_TS ( )

To smooth the transition between the two regimes, ¢ > ¢,
and ¢ < ¢, we use the following equation:

1 1 1
= + : (20)

N’pm /'(’pm.,g*)><;‘)(,. /J’pm‘(b<<f)‘.,

[20] Because a secondary thermal boundary layer forms
at the bottom of the vigorously convecting TBL, the TBL
temperature T7gp is smaller than the CMB temperature
Tcump- At high temperatures, when the TBL can be treated
as a nearly isoviscous layer, we assume that Tcyp — Tt &
0.5AT,. At lower temperatures we can use the stagnant lid
convection scaling Teyig — T & AT,,. To smooth the
transitions between all the regimes we simply require that
Temp — Tt monotonically increases with Tyg.

[30] Figure 2 shows variations of the TBL parameters
with the CMB temperature. As the CMB temperature
decreases from liquidus (7; = 2650 K) to solidus (7; =
2450 K), the driving temperature difference for convection
inside the TBL decreases, the viscosity increases and the
heat flux decreases. The most drastic changes occur around
6 ~ Gur (T, ~ 2530 K).

[31] Figure 3 shows the results of parameterized calcu-
lations of thermal evolution of the coupled core-mantle
system for 7,, = 1600, 2000 and 2400 K and Tcmp =
T,, + 1000 K. Cooling and crystallization of the molten
TBL to ¢ = ¢, is very fast (~100 years) and depends only
weakly on the assumed parameters. This fast time scale is
due to a low viscosity of the TBL which generates a very
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high convective heat flux as suggested by equation (11).
After the melt fraction drops to ~40% (the end of the
calculations in Figure 3) the viscosity significantly increases
and the CMB temperature continues to decrease at a much
slower rate.

3.4. TBL Thickness at the Rheological Transition

[32] When the TBL undergoes the rheological transition
the viscosity contrasts in the mantle drop substantially and
can be handled by fully three-dimensional finite element
calculations. The TBL thickness and the temperatures of the
core and the mantle at this transition can be used as a guide
to choose the initial conditions for the three-dimensional
calculations.

[33] To estimate 4 = h,, at the rheological transition, we
require that Tty = T, and ¢ = ¢~ The CMB temper-
ature Toyp can be set to Tepyp ~ T, as well because the
temperature difference between Tcyvp and Trpp becomes
very small when T'rgp approaches T, (Figure 2¢). The value

3400
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s
o
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2800 -
2600 -
1 1
0 50 100 150
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1500 T T
(b)
T_=2400 K
1000 [ -
€
=
<
00 2000 K 7
1600 K
0 d 4
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Figure 3. (a) Variation of the CMB temperature and

(b) the thickness of the boundary layer during the first
evolution stage when the behavior of the system is largely
controlled by the viscosity of pure melt. The calculations
end when the melt fraction drops to ¢, = 40%. The
labels show the mantle temperature. In all cases, the initial
temperature of the CMB is higher than the mantle temperature
by 1000 K.
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Figure 4. The thickness 4., of the TBL by the time when
the melt fraction in the TBL drops to ¢, = 40% as a
function of the initial CMB temperature Tcyvp. The
temperature difference between the CMB and the TBL is
assumed to be negligible at ¢ ~ ¢,

of A, at the rheological transition is shown as a function of
g and T,, in Figure 4.

4. Second Stage of Evolution: Fully
Three-Dimensional Calculations

4.1. Equations

[34] To nondimensionalize the equations, we choose H =
R, — R, as the length scale, 7, = HP/k as the time scale, ug =
Hity as the velocity scale, and AT = Teyp(0) — 7, as the
temperature scale, where x = k/(p,,cp,,) is the coefficient of
thermal diffusion and Tcyp(0) ~ T, is the initial temper-
ature of the core-mantle boundary (in this section, “initial”
refers to the initial conditions for the three-dimensional
calculations). The ratio R./R,, is set to 0.5.

[35] Numerical simulations are performed using CitcomS
[Zhong et al., 2000]. The model is very similar to that
studied by Ke and Solomatov [2006] except that we modified
the code to take into account the effect of core cooling
(equation (7)).

[36] The nondimensional equations of thermal convection
in the Boussinesq approximation are

V xu=0, (21)

0=—-Vp+apgTn+V x [N<Vu + {Vu}T)] , (22)
%—}—ux VT = VT, (23)

where u is the velocity vector, p and 7 are the pressure and
temperature perturbations, n is a unit vector in the direction
of gravity, and {}” is the transpose operator.
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t=0.0147 t=0.0187 1=0.0210
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Figure 5. A sequence of snapshots (cross sections of the spherical shell temperature distribution) from
fully three-dimensional simulations of superplume formation with core cooling. The central sphere shows
the CMB surface. The initial boundary layer thickness is negligibly small, 4(0) ~ 0. The nondimensional
initial CMB temperature is Tcyp = 1. It gradually decreases during superplume formation.

[37] The Rayleigh number is defined as where v is a constant defining the contrast between the
mantle viscosity pu,, and the viscosity ucyp at the core-
mantle boundary
ATH?
Ray, = XPmE22T (24)
K m
! _Hm_

= exp[y(Tems — Tn)]- (26)
Hcems

where « is the thermal expansion coefficient, g is the

acceleration due to gravity, and p,, is the mantle viscosity. L. . . . .
[38] The viscosity law used in the numerical calculations This viscosity law is clearly a simplification of the actual
is as follows: complex rheology of the TBL and the mantle as a whole.

Our previous calculations [Ke and Solomatov, 2004, 2006]
suggest that the details of the viscosity law may not be very
= iy exp[=y(T = T,)], (25)  important (like in many other cases involving strongly
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Figure 6. Same as Figure 5 but the initial boundary layer thickness is 4(0) = 0.25.

temperature-dependent viscosity [e.g., Solomatov, 1995]).
In our problem, two properties of the viscosity law matter
most. One is the viscosity function of the least viscous
region that is the convective region inside the TBL (where
the viscosity varies from pcyp to roughly 10 pcpp). It can
be reasonably well approximated by an exponential function
(the Frank-Kamenetskii approximation). The other property
is the total viscosity contrast between the mantle and the
TBL. This controls the instability of the TBL-mantle
system.

[39] The initial thermal state of the planet is an isothermal
mantle (an isothermal mantle in Boussinesq approximation
corresponds to an adiabatic mantle) with a basal boundary
layer of thickness /4 and temperature 7cyg. This basal layer
represents a partially solidified TBL (with ¢ ~ ¢,,.) after the
initial core cooling period.

4.2. Parameters

[40] Inall our calculations, Ra,, = 1.25 x 10° and 1,/ncms
nems = 10°. Our choice of the Rayleigh number and the
viscosity contrast represents a practical limit that can be
achieved at present with the total number of finite elements
64 x 64 x 64 x 12 (CitcomS divides the 3-D spherical
shell into 12 caps; for each cap, the grid is 64 x 64 X 64).
Note that although the Rayleigh number for the mantle as a
whole appears small, the effective Rayleigh number for
convection inside the TBL reaches ~10’ because the TBL
viscosity is much lower than the mantle viscosity. This
implies an extremely vigorous convection and very thin
thermal boundary layers inside the TBL itself.

[41] For the values of the parameters that we choose in
this study a single superplume is the preferred instability
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Figure 7. Same as Figure 5 but the initial boundary layer thickness is /4(0) = 0.5.

mode (i.e., it grows faster than multiple plumes). The number
of plumes depends on several parameters. Ke and Solomatov
[2006] showed that at least in the linear theory of Rayleigh-
Taylor instability in spherical geometry a single superplume
forms if the viscosity contrast ,,,/pirpr, between the mantle
and the TBL is larger than (R /A)* (for R./R,,~0.5) at the time
when the superplume development becomes faster than the
growth of the TBL. Because of a very short crystallization
time of the TBL (At ~ 10” years, section 3.3), plumes do not
form until the TBL reaches the rheological transition as
lon% as the mantle viscosity is higher than ~apg ATHAt ~
10" Pa s (see equations (33) and (34) from [Ke and
Solomatov, 2006]). Thus, a relatively modest viscosity
contrast between the TBL (at the rheological transition)
and the mantle is required to generate one superplume.
For example, for 4 ~ 100 km, p,,/prpr has to be larger
than ~(R./h)> ~ 5 x 10°. This number is certainly smaller

than the viscosity contrast between the near-solidus mantle
and the mantle at the rheological transition. Thus, although
it is possible to choose viscosity parameters that allow the
formation of several plumes, we assume that the viscosity
contrast between the TBL and the mantle is sufficiently
large so that only a single superplume forms. On the basis of
the results of parameterized convection calculations we
consider a broad range of the initial nondimensional bound-
ary layer thickness: 4#(0) ~ 0, 0.25, and 0.5.

4.3. Results

[42] The results of three-dimensional calculations are
shown in Figures 5, 6, and 7. The coupled core-mantle
thermal evolution can be divided into three stages: (1) the
growth of the internally convecting thermal boundary layer,
(2) the development of large-scale instability (the super-
plume formation), and (3) the spread and decay of the
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Figure 8. The CMB heat flux and CMB temperature as functions of time for the three cases shown in
Figures 5, 6, and 7 (all parameters are nondimensional): (a) #(0) ~ 0, (b) 0.25, and (c) 0.5. The solid lines
correspond to the 3-D numerical simulations. The dashed lines are parameterized convection calculations
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due to the onset of convection. In Figures 8b and 8c convection starts at # = 0. The difference between the
3-D simulations and parameterized convection calculations is due to a transient behavior which is not

captured by the parameterized convection model.

superplume. Depending on the magnitude of mantle viscos-
ity, the dimensional time scale for these stages can be quite
broad ranging from millions to hundreds of millions of
years [Ke and Solomatov, 2006].

[43] The process of superplume formation is discussed in
detail by Ke and Solomatov [2004, 2006]. Superplumes
form as a result of Rayleigh-Taylor-type instability due to
the density contrast between the thermal boundary layer and
the overlaying mantle. This happens at the time when the
instability becomes faster than the expansion of the thermal
boundary layer.

[44] Note that during the previous stage of evolution,
when the thermal boundary layer at the base of the mantle
was significantly molten the expansion of the thermal
boundary layer was much faster than the development of
the large-scale instability. After the rheological transition,
the expansion of the TBL slows down by many orders of
magnitude because the behavior of the boundary layer
changes from liquid-like to solid-like. It is also worth noting
for the initial values /#(0) = 0.25 and 0.5 (Figures 6 and 7)
the large-scale instability of the whole boundary layer is
faster than the propagation of the boundary layer already at
the beginning of simulations.

[45] Figure 8 shows the CMB temperature and the CMB
heat flux (equation (11)) as functions of time for the three
cases presented in Figures 5, 6, and 7. For comparison, we
modeled this stage of evolution using parameterized con-
vection approach based on equation (11). The parameterized

convection calculations agree reasonably well with the
three-dimensional finite element calculations despite the fact
that the boundary layer is being swept away by the super-
plume. We interpret this agreement as an indication that the
heat flux at the core-mantle boundary continues to be
largely controlled by the rheological temperature scale
AT,;,. Fluid dynamics of this regime is an important
problem which would be interesting to address analytically.
A mismatch in the beginning of evolution is due to a
transient stage associated with the onset of convection. In
the case of a negligibly small initial boundary layer thick-
ness (Figure 8a), the parameterized convection calculations
take into account the initial conductive cooling. In this case,
convection starts after the critical conditions for the onset of
convection are satisfied [Solomatov and Moresi, 2002; Ke
and Solomatov, 2004, 2006]. For the two other cases
(Figures 8b and 8c), the initial thickness of the boundary
layer (2(0) = 0.25 and 0.5 correspondingly) is sufficiently
large so that convection starts at the beginning of evolution.

5. Implications for the Early Martian Magnetism

[46] Present-day Mars has no global intrinsic magnetic
field. However, strong crustal remnant magnetism discov-
ered by Mars Global Surveyor suggests that Mars once
possessed a dynamo early in its history (~4 Ga ago) [Acuna
et al., 1999; Connerney et al., 1999]. The cessation time of
dynamo is inferred from the absence of magnetic field at
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several large impact basins, which suggests that Mars did
not have its magnetic field when these impacts happened
[Acuna et al., 1999]. Recent studies of giant buried basins
[Lillis et al., 2006, 2007a, 2007b] further constrain the
cessation time of the dynamo to be 4.15-4.40 Ga ago if
the cessation only happened once in the planetary history.

[47] Several models have been proposed that explain
operation of dynamo in the early history of Mars [Nimmo
and Stevenson, 2000; Breuer and Spohn, 2003; Williams and
Nimmo, 2004]. Our model can generate a dynamo as well.
During the first 10? years, when the bottom boundary layer is
molten, the heat flux (Figure 2d) is many orders of magnitude
higher than the critical heat flux F, ~ 5-20 mW m 2
required for the dynamo [Stevenson et al., 1983; Nimmo
and Stevenson, 2000; Williams and Nimmo, 2004]. After the
boundary layer crystallizes below the rheological transition,
the heat flux drops significantly, yet it is sufficiently high to
generate the dynamo for several hundred million years
depending on model parameters (Figure 9). Note that
small-scale convection in the boundary layer stops after
100—150 Ma and the subsequent evolution continues in
the conductive regime. The long-term evolution (beyond
100—1000 Ma) can be affected by factors that are not
considered in our model. In particular, if significant
amounts of radiogenic isotopes are left in the mantle, the
radiogenic heating would reduce the temperature contrast
between the core and the mantle and decrease the duration
time of the dynamo [Nimmo and Stevenson, 2000].

6. Conclusion

[48] We suggest a model of a coupled core-mantle evo-
lution of early Mars assuming that the core was much hotter
than the mantle. The evolution is divided into two stages.
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During the first stage, the thermal boundary layer at the base
of the mantle is molten and convection within the boundary
layer is controlled by liquid state viscosity. This stage is
calculated using a parameterized convection approach. The
time scale for the crystallization of the boundary layer from
a completely molten state to melt fraction ~40% is of the
order of 100 years. During this time, the mantle above the
boundary layer is effectively stagnant. The boundary layer
quickly expands upward, while its temperature and the
temperature of the core decrease. The second stage of
evolution, during which the bottom boundary layer crystal-
lizes completely, is modeled using the three-dimensional
finite element code CitcomS. Because the expansion of the
thermal boundary layer becomes very slow, a large-scale
instability of the boundary layer develops that eventually
produces a superplume. This superplume continues to cool
the core and generates sufficiently high heat flux that allows
operation of the dynamo for at least several hundred million
years.
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